[1] The variability of sea surface temperature (SST) in the equatorial Atlantic is characterized by strong cooling in May-June and a secondary cooling in NovemberDecember. A numerical simulation of the tropical Atlantic is used to diagnose the different contributions to the temperature tendencies in the upper ocean. Right at the equator, the coolest temperatures are observed between 20°W and 10°W due to enhanced turbulent heat flux in the center of the basin. This results from a strong vertical shear at the upper bound of the Equatorial Undercurrent (EUC). Cooling through vertical mixing exhibits a semiannual cycle with two peaks of comparable intensity. During the first peak, in May-June, vertical mixing drives the SST while during the second peak, in November-December, the strong heating due to air-sea fluxes leads to much weaker effective cooling than during boreal summer. Seasonal cooling events are closely linked to the enhancement of the vertical shear just above the core of the EUC, which appears to be not driven directly by the strength of the EUC but by the strength and the direction of the surface current. The vertical shear is maximum when the northern branch of the South Equatorial Current is intense. The surface cooling in the eastern equatorial Atlantic is not as marked as in the center of the basin. Mean thermocline and EUC rise eastward, but a strong stratification, caused by the presence of warm and low-saline surface waters, limits the vertical mixing to the upper 20 m and disconnects the surface from subsurface dynamics.
Introduction
[2] In the tropical Atlantic, sea surface temperatures (SSTs) exert a significant influence on the climate of surrounding regions [Carton and Huang, 1994; Chang et al., 2006] . A seasonal cooling in the eastern tropical Atlantic creates an intense meridional front of SST which intensifies the southerly winds and pushes the continental rain band northward, away from the Guinean coast [Giannini et al., 2003; Okumura and Xie, 2004] . SST conditions in the center of the basin are also known to influence rainfall variability in the northeast of Brazil [Kushnir et al., 2006] . So a detailed understanding of the processes controlling the triggering and the intensity of the seasonal equatorial cooling is essential to comprehend tropical Atlantic regional climates.
[3] SST variability in the equatorial Atlantic is dominated by an annual cycle whose most striking feature is a strong cooling which starts at the beginning of May (Figure 1a ). This cooling is enhanced in the center of the basin at the equator, but affects a large part of the equatorial region. In less than two months, surface temperature between 20°W and 5°W drops by 4°C. Cool conditions are maintained until mid-September.
[4] The occurrence of a second and weaker cold season along the coastal regions of the Gulf of Guinea has been known for a long time [Merle and Le Floch, 1978] . But it is only recently that Okumura and Xie [2006] evidenced a semiannual cycle of the SST in the equatorial Atlantic. In Figure 1a , it can be seen that cold conditions (temperature lower than 26°C) are maintained in the center of the basin until late December whereas the Gulf of Guinea recovers SST higher than 26°C from early October. What here appears to be a prolongation of the boreal summer cold tongue is in fact the signature of a secondary cooling which occurs in November-December (ND).
[5] Several studies have investigated the variability of equatorial SST. But up to now, there has not been a complete picture of the processes which lead to its seasonality and spatial distribution. The confinement of the cooling within a few degrees of the equator suggests the importance of equatorial ocean dynamics. Historically, observational studies show a close link between seasonal cooling and vertical movements of the thermocline [Merle, 1980; Voituriez, 1983; Okumura and Xie, 2006; Grodsky et al., 2008; Hormann and Brandt, 2009] . Indeed, cooling peaks are almost in phase with thermocline shoaling in May-June and ND in the eastern equatorial Atlantic. Thermocline rising occurs as a response to equatorial easterly wind enhancement in May-June and November. Grodsky et al. [2008] suggest that the shoaling increases the entrainment of cold water into the mixed layer. Okumura and Xie [2006] argue that it reduces the temperature of subsurface waters available for upwelling. The mechanisms often proposed to link the shoaling with surface cooling are rather vague. It is still unclear whether during these events, cold waters are brought to the surface by vertical advection or through vertical mixing.
[6] Helber et al. [2007] found that at the equator, the near surface (30 m depth) currents tend to diverge with seasonal peaks of comparable intensity in May and November. During May, the spatial distribution of upper ocean divergence coincides with the coolest waters. But in November, they found that patterns of divergence (convergence) differ from the patterns of coolest (warmest) SST, suggesting that other processes influence SST. In a modeling study, Carton and Zhou [1997] explained boreal summer cooling as the result of zonal divergence of mass, compensated by upwelling and convergence in the meridional direction.
[7] Hisard [1973] suggested that seasonality in the enrichment of the equatorial surface waters at 5°W is caused by seasonal variability of both equatorial divergence and vertical mixing, the latter being modulated by the vertical shear and the stratification. Interestingly, he proposed that the existence of a density barrier during boreal spring could prevent the enrichment of the surface waters, despite the high speed of the Equatorial Undercurrent (EUC) during this season. These results were questioned by Voituriez [1983] , who found no observational evidences of a link between enhanced equatorial cooling at 4°W and intensification of the vertical mixing. To our knowledge, the roles of the vertical shear and stratification on the seasonal heat budget of the central and eastern equatorial Atlantic have not been investigated since these pioneering works.
[8] Foltz et al. [2003] computed the mixed layer heat budget from moored buoys of the "Prediction and Research Moored Array in the Tropical Atlantic" program (PIRATA) [Bourlès et al., 2008] . They show important differences between the center and the west of the equatorial Atlantic. They found that advection by tropical instability waves (TIWs) and air-sea fluxes heat the equatorial ocean. They also show that zonal temperature advection is especially important during boreal summer near the western edge of the cold tongue. This is in agreement with Okumura and Xie [2006] who suggested that during both cooling seasons, the Kummerow et al., 1998] and (b) model data. Contours represent 24, 25, 26, and 27°C isotherms.
South Equatorial Current (SEC) accelerates and advects eastern cold waters to the west. The contribution of subsurface processes in the heat budget computed by Foltz et al. [2003] is estimated as a residual and is shown to be significant at the equator. They propose that vertical mixing at 10°W could be responsible for a discrepancy of ∼100 W m −2 in their mixed layer heat balance in May-July. Note that such estimates can easily be skewed by an accumulation of error when computing the other terms of the budget. Recently, R. Hummels (personal communication, 2011) used microstructure measurements to directly compute turbulent mixing at 10°W at the equator. They estimated a turbulent heat flux of 60 W m −2 across the base of the mixed layer in September 2005. But such measurements are too scarce to resolve the seasonal variability at the scale of a basin.
[9] Currently, the only way to close the heat budget is to compute it from numerical simulations. Analyzing temperature tendencies in the mixed layer, Peter et al. [2006] found that at first order, equatorial cooling is the result of subsurface cooling (vertical mixing at the base of the mixed layer, vertical advection and entrainment) which peaks twice a year in June-August and December. Unlike Foltz et al. [2003] , they argue that horizontal advection by low-frequency currents (>35 days) only plays a minor role in the heat budget, but they agree that advection by TIWs and air-sea fluxes warm the equatorial ocean. However the contribution of TIWs to the mixed layer heat budget is still under debate. Jochum et al. [2004] evaluated heat fluxes associated with TIWs in the upper 20 m of the Atlantic Ocean and concluded that there was almost complete compensation between the meridional heat fluxes and vertical heat fluxes. found almost no TIW vertical advection cooling effect on the mixed layer heat budget of the tropical Pacific.
[10] Both observations [Foltz et al., 2003] and model studies [e.g., Peter et al., 2006] suggest that off equator, in the northwest basin (at 38°W-8°N and 38°W-15°N) and southeast basin (10°W-6°S and 10°W-10°S), the seasonal cycles of latent heat loss and absorbed shortwave radiation are responsible for seasonal SST variability. In the equatorial region, the role of the atmosphere is however still under debate. Foltz et al. [2003] suggest that along the equator contribution from latent heat loss is diminished, SST at 10°W tending to reflect seasonal variations in shortwave heat flux. From in situ and satellite data, Yu et al. [2006] found that the influence of the air-sea fluxes on SST is diminished close to the equator and that ocean dynamics play a dominant role within a band 5°S-10°N. But in situ observations are scarce and estimates of fluxes through satellite observations still present wide discrepancies [Yu et al., 2006; Grodsky et al., 2009] .
[11] SST observations indicate that at the equator, lowest temperatures during both seasons are located in the center of the basin (Figure 1a) . Grodsky et al. [2008] also noticed that maximum Chl-a concentrations at the equator occur in the 20°W-0°E band. They associated this pattern with enhanced upwelling in the region. The model mixed layer heat budget used by Peter et al. [2006] also indicates that cooling due to vertical mixing is lower in the Gulf of Guinea than in the center of the basin. This is counterintuitive since thermocline is shallower east of 10°W than in the center of the basin (Figure 3e ). To our knowledge, the reasons for this spatial distribution have never been explored in detail.
[12] So although there is evidence that upwelling and subsurface dynamics play an important role in the cooling, the way in which thermocline shoaling, vertical entrainment or turbulent heat flux are linked remains unclear. One reason why it is difficult to untangle these different processes is that all of them present a semiannual cycle in the tropical Atlantic.
[13] Ultimately, there is still no consensus on which processes drive the characteristics of the equatorial cold tongue and several questions remain open: (1) What are the respective roles of thermocline shoaling, upwelling and turbulent heat flux for the seasonal cycle of SST in the equatorial Atlantic? (2) Why does maximum cooling at the equator during both seasons occur in the center of the basin? (3) Why is ND equatorial cooling lower than its boreal summer counterpart and almost absent in the Gulf of Guinea?
[14] The aim of this study is to try to answer these questions by analyzing the heat budget in a numerical simulation of the tropical Atlantic. Peter et al. [2006] already analyzed the mixed layer heat budget in a model. But we will show that it is necessary to take into account processes located well below the mixed layer to get a complete view of the processes driving equatorial SST. The originality of our study lies in a detailed analysis of the different contributions to the temperature equation in the upper 100 m, when previous studies mainly focused on the mixed layer heat budget.
[15] The paper is organized as follows. Simulation characteristics and a comparison between observations and model results are presented in Section 2. The different contributions to temperature tendency in the mixed layer are described in Section 3. Section 4 investigates the processes which connect surface and subsurface waters. In Sections 5 and 6, we analyze the physical processes driving the equatorial turbulent heat flux in the center of the basin and in the Gulf of Guinea respectively. From now, "Gulf of Guinea" will denote the region of the tropical Atlantic located east of 5°W. Section 7 provides a summary.
Data

Numerical Model
[16] A regional ocean model is set up in order to carry out online computation of the different contributions to the heat budget of the upper ocean. Online computation is necessary to close the heat budget precisely. The configuration used in this study is based on the 1/4°global interannual experiment ORCA025-G70 developed by the DRAKKAR team [Barnier et al., 2006] . The numerical code is that used in the framework of the Nucleus for European Modeling of the Ocean program (NEMO) [Madec, 2008] . Parametrization and physical parameters are in all point identical to the global model, whose details are given by Molines et al. [2007] and Tréguier et al. [2010] . The regional grid extends from 20°S to 20°N and from 60°W to 15°E and is an extraction of the isotropic Mercator global grid. Equations are discretized on an Arakawa C grid at fixed vertical levels (z coordinates). Horizontal resolution of the model grid is 1/4°. There are 46 levels on the vertical (with 10 levels in the upper 100 m). Grid spacing ranges from 6 m near the surface to 250 m at 5750 m. Diffusion is parameterized as a Laplacian isopycnal diffusion while viscosity is parameterized as a biharmonic operator. The vertical diffusion coefficient is given by a turbulent kinetic energy (TKE) second-order closure scheme [Blanke and Delecluse, 1993] and is enhanced in case of static instability. Boundary conditions are provided by the global ORCA025-G70 experiment using radiative open boundary conditions. They radiate perturbations outward and relax the model variables to 5 day averages of ORCA025-G70 outputs. Details of the method are given by Tréguier et al. [2001] .
[17] At the surface, the atmospheric fluxes of momentum, heat and freshwater are provided by bulk formulae [Large and Yeager, 2004] . The penetrative solar radiation is computed in a formula which uses two extinction coefficients [see Madec, 2008 ]. The regional model uses DFS4 forcing which is an update of the DFS3 data set used in the global experiment [Brodeau et al., 2010] . It is a combination of ECMWF-ERA40 reanalysis (6 h fields of wind, atmospheric temperature and humidity) and satellite observations (daily fields of long and shortwave radiation; monthly fields of precipitation). A monthly climatological runoff based on the data set of Dai and Trenberth [2002] is prescribed near the river mouths as a surface freshwater flux.
[18] The regional model was initialized with temperature and salinity fields from the global experiment on 31 December 1978 and was integrated over the period Kummerow et al., 1998 ] for the period 2000-2006 are compared in Figure 1 . The model reproduces the characteristic features of the equatorial SST. As observed, surface cooling starts at the beginning of May in the center of the basin and the coldest temperatures are found in July-August. The equatorial ocean then slowly warms up until March, with the exception of the center of the basin, where cold conditions are maintained until the end of December. A feature well represented by the model is that ), and (e, f, k, l) vertical shear squared (10 −3 s −2 ). Contours are 20, 24, and 28°C isotherms. Daily data of temperature and velocity from the surface to 120 m are used for both model and observations. the lowest temperatures occur between 20°W and 10°W. The cold tongue is too warm when compared to observed SST. The reasons for this in the present model will be diagnosed in section 3.4.
[20] Model temperatures are compared with in situ temperatures from PIRATA moored buoys at 23°W-0°N and 10°W-0°N [Bourlès et al., 2008] (Figures 2g and 2h ). Although the model is too warm at 10°W near the surface in July and August 2007 (Figures 2g and 2h) , the vertical structure of the temperature and the position of the D20 are in good agreement with PIRATA observations at both locations. Moreover, the amplitude of the seasonal cycle and intraseasonal fluctuations compare well.
[21] The seasonal cycle of model mixed layer depth (MLD) at the equator (Figure 3f) shows the same spatial variability as the climatology of de Boyer Montégut et al. [2004] [see Peter et al., 2006] . But the model mixed layer is 10 m shallower than the climatology. In the Gulf of Guinea, the mixed layer is very shallow (10 m depth) during a large part of the year, and deeper between July and October (down to 40 m depth in September). There is a local maximum centered at 0°E (between 5°W and 5°E) in both model and observations: the mixed layer is slightly deeper all year long at this longitude with respect to surrounding longitudes.
[22] To assess the realism of the simulated velocity field, the model is compared against available measurements from PIRATA Acoustic Doppler Current Profilers ( (Figures 2e, 2f, 2k, and 2l) . This gives confidence in the ability of the model in resolving equatorial dynamics and especially that above the core of the EUC. Note that the shear is stronger at 10°W compared to 23°W, indicative that mixing processes should be more important at 10°W than at 23°W.
Mixed Layer Heat Budget at Seasonal Time Scales
[23] In this section, contributions to mixed layer temperature evolution are used to determine which processes drive equatorial SST variability. Such an approach was already used by Peter et al. [2006] in the Atlantic at seasonal scale. We will recall the main results of this study with a special focus on the semiannual cycle and the spatial distribution of the cooling. Some of our results (especially in the eastern part of the basin) are different but supported by observations.
[24] The mixed layer equation reads Peter et al., 2006] 
T is the model potential temperature, (u, v, w) are the velocity components, D l (T) is the lateral diffusion operator, K z is the vertical diffusion coefficient for tracers and h is the MLD. Q* and Q S are the nonsolar and solar components of the air-sea heat flux and f z=−h is the fraction of the shortwave radiation that reaches the MLD. A represents the advection, B is the lateral diffusion, C is the entrainment at the base of the mixed layer, D is the air-sea heat flux storage in the mixed layer, E is the turbulent flux at the base of the mixed layer and Asselin is the tendency of mixed layer temperature due to the use of Asselin time filtering in the model [Asselin, 1972] . Unlike Peter et al.
[2006], we do not separate the contributions of mean currents and of intraseasonal variability in the horizontal advection terms. The discretized form of the equations used in NEMO imposes to compute the entrainment term as the residual of the heat budget [see Vialard and Delecluse, 1998 ]. Note that in our formulation the contribution of the mixed layer transport divergence is included in the term of vertical advection hw.∂ z Ti. Vertical advection, horizontal diffusion, entrainment and Asselin tendencies are found to be weak contributors to the mixed layer heat budget (not shown).
Summer Cooling
[25] Summer cooling at the equator occurs over the entire basin ( Figure 4a ). It starts in early March at 20°W and mid March at 10°W, concomitantly with the enhancement of cooling through vertical mixing between 30°W and 5°W ( Figure 4c ). In the center of the basin, timing and intensity of the total summer cooling are closely related to cooling through vertical mixing, while air-sea fluxes tend to damp this cooling (Figure 4b ). In contrast, between 5°W and 5°E, both air-sea fluxes and vertical mixing act to cool the mixed layer from April to August. East of 5°E, air-sea fluxes are the predominant cooling factor during this same period. Maps of mixed layer temperature tendencies in MayJune ( Figure 5 ) show that cooling through vertical mixing also occurs close to the African coast but centered on 3°S ( Figure 5c ). In this region (5°S-2°S, 0°E-10°E) air-sea fluxes in May-June also participate in the cooling of the mixed layer ( Figure 5d ). The sum of these two contributions leads to the highest cooling tendencies of the tropical Atlantic during this season ( Figure 5b ). The southward shift of the vertical mixing contribution is coherent with Chl-a concentration [Grodsky et al., 2008] and upwelling calculated from helium disequilibrium in the mixed layer [Rhein et al., 2010] .
[26] The sum of temperature tendencies due to vertical mixing and air-sea heat flux ( Figure 4e) indicates that, at first order, summer cooling is driven by these two mechanisms. Nevertheless, if these two terms completely dominated the mixed layer heat budget, the summer cooling period would last from beginning of March to end of August. This cooling period is hence limited by advection processes which act to warm the equatorial band almost all year long. It was shown by Peter et al. [2006] that such a warming is provided by TIWs and zonal advection by the SEC in the eastern equatorial Atlantic (see Figure 5e) . Indeed, the temperature tendency due to meridional advection (Figure 5f ) is positive over the zonal band from 1°S to 1°N and from 30°W to 0°E, i.e., where cooling by vertical mixing is maximum (Figure 5c ). On the northern and southern sides of this zonal band, the tendency due to meridional advection is negative. This term thus acts to spread the cold waters, brought to the mixed layer by vertical mixing, meridionally. Cooling by meridional advection is maximum north of the equator (1°N) at the location of the SST front while south of the equator, temperature gradient is lower ( Figure 5a ) and hence advective cooling less efficient.
November Cooling
[27] The cold SSTs observed in the center of the basin in ND (Figure 1a ) and which look like a prolongation of the summer cold tongue, are the signature of a secondary cooling which occurs during November [Okumura and Xie, 2006] . During the period 2000-2006 only one strong cooling event occurred (2001) . In addition, the cooling period is short (one month) and not always centered on November. This leads to a smoothing of the cooling when averaging over several years. For these two reasons, the composite total temperature tendency (Figure 4a) is not negative east of 15°W during November, although an explicit cooling occurs almost every year.
[28] Okumura and Xie [2006] explained this ND cold season by a secondary intensification of the equatorial easterly winds during November, increasing upwelling and lifting thermocline. In contrast, Peter et al. [2006] found that the ND cooling is due to a decrease in solar flux, associated with increase of cooling at the subsurface. Our model also reproduces a second and intense peak of cooling through vertical mixing during ND in the center of the basin (Figure 4c ). But unlike Peter et al. [2006] , our model does not show any decrease of the air-sea heat flux in the center of the basin. Instead, there is a maximum from October to December of both air-sea heat flux (Figure 3a ) and mixed layer temperature tendency due to air-sea fluxes (Figure 4b ) which thus strongly damp the cooling due to vertical mixing. We will provide observational evidence of that in section 3.4. Note that the sum of both vertical mixing and air-sea contributions to the mixed layer heat budget results in weak cooling (Figure 4e ). Advection also contributes to reducing the cooling effect by continuously warming the center of the basin (Figure 4d ). As during boreal summer, the zonal band of maximum cooling through vertical mixing is shifted southward in the eastern equatorial Atlantic (2°S at 0°E, not shown).
Comparison Between the Two Seasons
[29] In the model, both peaks of cooling due to vertical mixing have similar strength and spatial extent (Figure 4c ). But there are differences which explain why the lowest temperatures are reached during summer. First, cooling in summer due to vertical mixing is intense (>0.1°C d −1 ) for 5 months while in winter it only lasts for 2.5 months (Figure 4c ). Second, strong warming due to air-sea fluxes occurs in ND in the center of the basin (Figure 4b ), whereas it is lower during summer (Figure 3a) . So, the cooling tendency due to vertical mixing is much more strongly damped by air-sea fluxes in ND than during summer. East of 0°E, the contrast between both seasons is even more evident: airsea heat fluxes cool the mixed layer from April to August and warm it the rest of the year.
[30] Another difference between the two seasons concerns the phasing between surface temperature and thermocline depth. In agreement with Okumura and Xie [2006] , the ND cold tongue at the equator peaks before the thermocline depth reaches the secondary minimum while the summer cold tongue peaks after the thermocline becomes shallowest (compare Figures 3e and 1b) . This illustrates that the link between the variations of thermocline depth and the variations of SSTs is not direct. Note that in the model, the peaks of total cooling in May-June and November are coincident with peaks of cooling due to vertical mixing. Both are maximum one month before the thermocline attains its shallowest position (June-July and December at 10°W).
[31] The model indicates that subsurface cooling for both seasons is stronger in the center of the basin than in the Gulf of Guinea (Figure 4c ). This is in agreement with observed mean Chl-a concentration maps [Grodsky et al., 2008] which show high concentrations of phytoplankton between 20°W and 10°W during summer and ND. This bloom, which at the equator reflects the strength of the nutrient flux into the mixed layer [Longhurst, 1993] is indicative that a large amount of thermocline waters is brought to the mixed layer during these periods in the center of the basin. In the model, cooling by vertical advection and entrainment are of the order of 0.005°C d −1 , whereas cooling by vertical mixing is of the order of 0.1°C d −1 . So it suggests that vertical mixing is the dominant subsurface process driving the exchanges between surface and subsurface, with vertical mixing also controlling the flow of nutrient into the mixed layer.
Seasonal Variations of Air-Sea Fluxes
[32] The heat balance in the Gulf of Guinea suggests that air-sea fluxes play a dominant role in mixed layer heat storage at the equator from 5°W to 10°E (Figures 4a  and 4b) . Moreover, these fluxes are shown to cool the mixed layer during summer. Such results are new and in contradiction with Peter et al. [2006] or Yu et al. [2006] who showed that ocean dynamics play a dominant role in the equatorial band of the Gulf of Guinea. In the center of the basin, we have also shown that seasonal variation of airsea fluxes induces an important contrast between summer and ND cold seasons. In this section we provide some observational proofs that support our modeling results.
[33] Seasonal air-sea heat fluxes absorbed by the mixed layer in model and observations are compared at the equator at 10°W and 0°E. Observed fluxes were computed by using 10 years of measurements from moored buoys of the PIR-ATA program and global MLD climatology from de Boyer Montégut et al. [2004] .
[34] Following McPhaden [2002] and Foltz et al. [2003] , the heat flux to the mixed layer due to air-sea exchanges is computed as
where Q swabs is the shortwave radiation absorbed in the MLD. It is related to the incoming shortwave radiation at the surface Q surf , a constant e-folding depth of 25 m (k = 0.04) and the MLD h through the relation Q swabs = Q surf (1 − 0.47e −kh ). Q lw is the net longwave radiation. Observations of longwave radiation are not available for these two PIRATA moored buoys, so we use model values for this variable. Spatial and seasonal variations of this variable are low in the region [Foltz et al., 2003] . Q lat and Q sen are respectively the latent and sensible heat fluxes. At 10°W, there is a significant difference of MLD between model and observations, reaching 20 m (Figure 6 ). At 0°E, observations and model are in closer agreement. To facilitate the comparison, observed MLD from de Boyer Montégut et al. [2004] is used to compute observed and modeled Q net .
[35] Results are shown in Figure 6 . At both stations, seasonal cycles of modeled and observed air-sea heat fluxes are similar, although model values show a negative bias when compared to observed values.
Basin Center
[36] At 10°W, the air-sea heat flux is always positive and does not show a marked minimum (Figure 6a) . A maximum occurs from October to December in agreement with the enhanced warming in the center of the basin during this period (Figure 4b ). Contributions to this maximum are multiple. During this period, both observed MLD and shortwave radiation are maximum, longwave radiation is minimum and the latent heat flux is not as strong as during boreal spring.
[37] Latent heat flux in model and observations (diamonds in Figure 6b ) show a significant discrepancy from July to November (>30 W m −2 ). This could be due to bias in model air-sea fluxes or to an insufficient subsurface cooling in the model during this period. Indeed, too weak vertical mixing can lead to too high mixed layer temperatures which in turn induce too strong latent heat fluxes in the model (where air temperatures are prescribed). In observations, the seasonal cycles of latent heat flux and SST are in phase, with a minimum in July-August when the cold tongue is already established. Latent heat loss rises during boreal winter and spring, when low-level humidity is lower and northeast trade winds are stronger [Foltz et al., 2003] . Shortwave radiation in model and observations are in close agreement (discrepancy <20 W m −2 ). In the center of the basin, the signal is semiannual with maxima in boreal spring and fall. The amplitude of this signal is reduced east of 15°W (Figure 3b ) due to the appearance of reflective stratus clouds in boreal fall over the cool waters of the eastern basin [Philander et al., 1996; Foltz et al., 2003] .
Eastern Basin
[38] Net air-sea heat fluxes at 0°E in both model and observations show a marked semiannual cycle (Figure 6f) . Negative values are reached in early summer. In the model, the period of negative fluxes extends from May to August while in observations it only lasts from June to July. This indicates that in this region the atmosphere is able to cool the mixed layer. This occurs when latent heat flux is strong (>100 W m −2 ), shortwave radiation is minimum and the mixed layer is shallow (<20 m depth). A shallow mixed layer reduces the amount of shortwave radiation captured by the layer.
[39] Latent heat fluxes at 0°E in model and observations also shows important discrepancy from July to September. This discrepancy explains most of the difference of air-sea heat flux between model and observations. Latent heat fluxes are higher at 0°E than in the center of the basin (Figures 6b and 3c) . They do not respond passively to variations in SST: in both observations and model, there is no minimum during summer (when temperature is minimum) but a maximum. The maximum of latent heat flux in summer is due to enhanced wind during this period and an annual minimum of relative humidity (not shown). All this reinforces the idea that the atmosphere plays an active role on the mixed layer heat balance in the Gulf of Guinea.
[40] Our results are in agreement with the seasonal mixed layer heat budget computed by Wade et al. [2011b] from ARGO observations. Indeed their results indicate that heat fluxes due to subsurface processes in the 3°S-1°N band are stronger in the center of the basin than east of 0°E.
Turbulent Heat Flux
[41] The previous section shows that cooling through vertical mixing plays an important role in driving the temperature of the mixed layer. In this section, we investigate how the cooling at the base of the mixed layer connects with subsurface dynamics. To do so, the three-dimensional heat balance computed online at each model grid point is analyzed. The temperature equation is decomposed as
where T is the model potential temperature, (u, v, w) are the velocity components, Ldiff(T) is the lateral diffusion,
is the vertical mixing, FOR(z) is the tendency of temperature due to the sum of latent, shortwave, longwave and sensible heat fluxes, and Asselin is the tendency of temperature due to Asselin time filtering. ADV and ZDF represent the temperature tendencies due to advection and vertical mixing respectively. Longwave, latent and sensible heat fluxes contribute to FOR at the surface model grid point. A fraction of the shortwave radiation is not absorbed in the thin surface layer and penetrates the top few meters of the ocean. As a result, FOR has a vertical and decaying structure.
[42] The dominant terms on the right hand side of the equation are ADV and ZDF. FOR also contributes strongly to the temperature tendency of the surface layer (not shown). Hereafter, their seasonal and spatial distributions are investigated. Figures 7a-7c shows zonal sections of total, vertical mixing and advective temperature tendencies at the equator in the upper 70 m. Tendencies were averaged from 2000 to 2006 during a period of strong turbulent heat flux (May-June). We also show composite seasonal cycles of these terms at the equator at 15°W (Figures 8a-8c) , where boreal summer and November coolings are maximum, and at 0°E (Figures 9a-9c) .
[43] The most striking feature in equatorial ZDF section is a strong cooling/warming dipole vertical structure between 30°W and 5°W which extends from the surface to a depth of 60-70 m (Figure 7b ), (h) square of the vertical shear computed from mean currents (s −2 ), (i) vertical diffusion coefficient (m 2 s −1 ), (j) salinity, (k) stratification computed without taking into account salinity effect (s −2 ), and (l) meridional velocity (m s −1 ). Daily values higher than 0.1m 2 s −1 have not been considered when computing the average of K z (Figure 7i ). This allows the filtering of some of the strong values of K z due to convection, but note that it cannot completely separate the signature of shear-driven mixing from that of convective mixing. Dashed lines are isotherms, arrows represent average current vectors, and thick black lines indicate MLD. In Figures 7e-7g and 7i, contours also show Q zdf (W m −2 ) computed as in equation (5). Blue contours in Figure 7k represent the percentage of stratification explained by salinity effect, and blue contours in Figure 7l represent the percentage of shear squared explained by meridional velocity vertical shear.
[44] To explore how this cooling/warming dipole is linked with turbulent heat flux (Q zdf ), the latter is computed at different depths z as
where r 0 is the water density and C p is the specific heat. There are no diffusive fluxes at the surface. The term in the integral, which corresponds to ZDF in equation (4), has been computed online.
[45] Q zdf in May-June at the equator is shown in Figure 7d . It reaches values up to 90 W m −2 between 30°W and 10°W in the depth range 10-50 m. The maximum in Q zdf corresponds to the zero of temperature tendency due to vertical mixing in the zone where the cooling/warming dipole is maximum (Figure 7b or contours in Figure 7d ). The Hovmoeller diagram of maximum Q zdf in the upper 100 m is shown in Figure 10d along the equator. Its seasonal cycle matches the seasonal variability of cooling due to vertical mixing at the base of the mixed layer (Figure 4c ). Note that maximum of Q zdf in the center of the basin occurs between 30 and 40 m depth (contours in Figure 10d ), i.e., 20 m deeper than the mixed layer. This has to be expected since the vertical gradients of temperature become more important when approaching the thermocline and the maximum vertical shear occurs below the mixed layer. This is in agreement with observations which show that the peak of turbulent heat flux at the equator can occur deeper than the mixed layer [e.g., Moum et al., 2009] .
[46] Seasonal variability of K z at 15°W is shown in Figure 8j . Its vertical distribution is bounded by the upper EUC and follows its seasonal cycle, from 50 m depth in April-May to 70 m in ND (Figure 8d ). In contrast, the mixed layer is much shallower. At 15°W, it does not exceed 20 m (thick line in Figure 9 . As in Figure 8 but at 0°E-0°N. White shading in Figure 8g is indicative of positive (upward) heat flux. Figure 8b ). This is in agreement with observations. By analyzing microstructure measurements, Brainerd and Gregg [1995] have shown that strong dissipation rates can occur far below the mixed layer (2-3 times the MLD) at the equator. Noh and Lee [2008] also noticed that in a global Ocean General Circulation Model (OGCM), differences between mixed and mixing layers are particularly strong (>50 m) at the equator in the Pacific and Atlantic Oceans. However, there is no evidence of a simple link between strength or depth of K z and strength of the cooling. Indeed, during August-September high values of K z in the center of the basin occur deeper than in summer, but turbulent heat flux is at its lowest. They are two possible explanations for that.
[47] The first explanation is linked to the downwelling which occurs above 60 m during August-September. It causes downward warm advection, which depresses the isotherms and reduces the vertical temperature gradient in the upper thermocline; this in turn causes the turbulent heat flux to become small even though K z is still large. It is difficult to assess the realism of the vertical velocity rever- sal. Nevertheless, it is in rather good agreement with the study of Helber et al. [2007] who analyzed satellite-derived near surface currents in the equatorial Atlantic. The divergence of the currents at 30 m depth in the region 2.5°S2.5°N-25°W0°E presents a minimum in August-September, due to high geostrophic convergence and low Ekman divergence at that time.
[48] The second possible explanation is linked to the difficulty to interpret mean values of a highly nonlinear term such as K z . During August-September, latent heat fluxes at 15°W are maximum (Figure 3c ) and provide conditions favorable to convection. Convection is parameterized in the model with values of K z about three order higher than that due to shear instabilities. But convection is not necessarily associated with strong turbulent heat flux since it mostly mixes water in the mixed layer where the temperature is homogenous. Instead, turbulent mixing due to shear instabilities occurs between the mixed layer and the thermocline (as shown in the following Sections), mixing waters of different temperatures. So the deep values of mean K z shown in Figure 8j in August-September could be due to few deep convective events which bias the monthly average of K z despite low influence on the averaged turbulent heat flux. Observations would be necessary to corroborate the occurrence of convective events in the model in August-September.
[49] In terms of intensity, K z at 15°W in the upper 20 m is maximum from May to November and minimum from December to April. This annual cycle is in phase with the annual cycle of the wind stress (black line in Figure 8f ). So the wind stress is also important in driving the background mixing in the upper 30 m. But as for convection, it mostly mixes waters in the mixed layer.
Subsurface Cooling in the Center of the Basin
[50] The reason why turbulent heat flux is enhanced in the center of the basin and exhibits a semiannual cycle still remains unanswered. In this section, we explore its spatial and temporal variability.
Unstable Flow and Turbulent Heat Flux
[51] Turbulent heat flux is maximum in the center of the basin, between 30°W and 10°W (Figure 7d ). It occurs in the zone with the lowest values of Richardson number (Figure 7e ), indicative of unstable sheared flow. Its semiannual cycle, with two peaks in May-June and ND at 15°W (Figure 8g) , is in phase with the semiannual cycle of Ri (Figure 8h) . Such a correspondence suggests that in the equatorial Atlantic, both seasonal and spatial variability of the turbulent heat flux are driven by the variability of the sheared flow stability.
[52] There is no direct link between the spatial distributions of shear and Richardson number. Stratification plays an important role. In the center of the basin, the lowest values of Ri (Figure 7e) do not occur where the shear is maximum (Figure 7f ), but 10 to 20 m above, where stratification is lower (Figure 7g ). We also remark that the shear in May-June is stronger between 10°W and 0°E, whereas Ri is minimum between 35°W and 10°W. This point will be addressed in more detail in section 6.2. At seasonal time scale, the zonal distribution of maximum Q zdf (Figure 10d) is in remarkably good agreement with low values of Ri number ∼10 m above the maximum of the vertical shear (Figure 10e ).
The Role of the Surface Current
[53] In the center of the basin, the semiannual cycle of Richardson number (Figure 8h ) and turbulent heat flux (Figure 8g ) is clearly correlated with a semiannual cycle of the vertical shear (Figure 8i ). To determine whether this enhanced shear results from intraseasonal events or from seasonal variability, the vertical shear of the mean current in May-June is shown in Figure 7h . Its spatial distribution and strength compare well with the temporal May-June mean of the vertical shear computed with daily data (Figure 7f ). Though not shown here, it also presents a semiannual cycle. This suggests that seasonal currents make the strongest contribution to seasonal cooling.
[54] During both boreal summer and ND periods, the shear at 15°W seems to result from two consecutive events: the acceleration of the flow at the core of the EUC immediately followed by an acceleration of the westward surface flow (Figure 8d ). But at basin scale and in agreement with Arhan et al. [2006] , the seasonal cycle of maximum EUC speed is low (Figure 10b ; note that color scale in Figures 10a and 10b is different) and is therefore assumed to play a minor role. Indeed, Figure 10c shows that the maximum shear at the equator is mostly driven by the strength of the westward zonal surface current (Figure 10a ). This suggests that most of the seasonality of the mixed layer cooling in the center of the basin is driven by the semiannual cycle of the surface current. In agreement with our explanation, periods with eastward surface flow are periods of low vertical shear and low turbulent heat flux (Figure 10 ).
[55] In the model, westward surface currents exhibit two maxima: one from April to July and the other in NovemberDecember (Figure 10a ). For both maxima, higher speeds are found between 15°W and 0°E. Such seasonal and spatial variability of the simulated surface currents is in close agreement with ship drift [Richardson and McKee, 1984] , surface drifters [Lumpkin and Garzoli, 2005] and satellite-derived velocities [Helber et al., 2007] .
[56] Okumura and Xie [2006] argue that zonal advection by the SEC contributes to the westward propagation of the ND cold tongue. This propagation is seen in the model and observed SSTs in Figure 1 . The model indicates that there is a westward propagation of mixed layer subsurface cooling from November to December (Figure 4c ). It occurs in conjunction with a westward displacement of low Richardson number (Figure 10e ) and surface current (Figure 10a) . Thus, the displacement of the ND cold tongue might not be due to advective processes alone but also to westward propagation of the subsurface cooling.
The Role of Subsurface Advection
[57] Under the mixed layer there is equilibrium between the temperature advection and vertical mixing. At 15°W, ADV is negative almost all year round between the mixed and mixing layer depths (∼ between 40 and 60 m, Figure 8c ). The strength of this cooling is correlated with the turbulent heat exchange in the upper layers: when Q zdf is strong (Figure 8g ), advection strongly cools the subsurface in the upper EUC (Figure 8c ). In the model, the role of advection at the base of the mixed layer is weak (Figure 7c ) but by bringing cold water into the mixing layer (between 30 and 60 m) it sustains the vertical mixing cooling and hence the surface cooling.
[58] Upward vertical velocities at the EUC core and in the upper EUC occur all year long at 15°W (Figure 8e ). There is no evidence that they control the strength of the turbulent heat flux at this location (Figure 8g) .
The Role of Thermocline Shoaling
[59] Several studies have shown a link between thermocline shoaling and equatorial cooling. Indeed, thermocline shoaling occurs twice a year and its interannual variability is closely linked to the interannual variability of the cold tongue [Okumura and Xie, 2006; Grodsky et al., 2008] . The mechanism most often proposed to connect this shoaling with surface cooling is the availability of cold water at the subsurface. The model results suggest that at seasonal time scale this mechanism is not the primary driver for equatorial cooling intensity. First, we have seen that cooling is stronger in the center of the basin despite a shallower thermocline or depth of isotherm 20°C (D20) in the east (Figures 4c  and 3e ). Second, there is no simple link between D20 and intensity of the cooling due to vertical mixing at 15°W. During ND, thermocline is deeper than in March or mid July-August, but Q zdf is much stronger (Figure 8g ). Third, D20 at 25°W is located at 90 m depth and shows variation between February and July of less than 10 m (Figure 3e ) while maximum turbulent heat flux over the same period varies from 40 to 120 W m −2 (Figure 10d ). Such drastic differences can only be explained by the strong increase of westward surface current (Figure 10a ) and maximum shear (Figure 10c ) at the beginning of May, but not by thermocline shoaling.
6. Subsurface Cooling in the Gulf of Guinea 6.1. Turbulent Heat Fluxes
[60] Turbulent heat flux in the Gulf of Guinea behaves very differently than in the center of the basin. East of 5°W the upper cooling/warming dipole is inverted (Figure 7b ): vertical mixing acts to warm the surface layer of the model and to cool the waters located just below (in the upper 20 m). Figure 9 shows that it occurs all year long at 0°E. This is a response to the air-sea heat fluxes. At these longitudes, enhanced latent heat fluxes and low shortwave radiation cool the surface layer (see section 3.4 and Figures 3b and 3c) . To counterbalance the surface cooling due to air-sea fluxes, vertical mixing induces an upward heat flux.
[61] The composite seasonal cycle of temperature tendency at 0°E is shown in Figure 9a . The mixed layer is marked by an annual cooling which peaks in May-June. However, temperature tendency at the subsurface shows a clear semiannual cycle. This is in phase with a semiannual cycle of thermocline depth: D20 varies from 80 m depth in February and October to 40 m depth in July and December. In the center of the basin, the picture is different. First, with summer shoaling with an amplitude of 30 m and winter shoaling with an amplitude of 15 m, this semiannual cycle of D20 is not so marked (e.g., Figure 8g ). Second, patterns of enhanced subsurface heat flux at 15°W reach the surface (Figure 8g ).
[62] Unlike the center of the basin, mixing and mixed layers in the Gulf of Guinea almost merge (Figure 8b) . High values of K z at 0°E (Figure 9j ) are concentrated in the upper 20 m, limiting the turbulent heat flux to the mixed layer. Maximum values of K z in the mixed layer occur between May and November. They are correlated with increased local wind stress during this period (Figure 9f ). The MLD, from 15 m in May to 30 m in October, follows the variation of the position of the shear at the upper limit of the subsurface current (Figure 9i) . East of 0°E, this subsurface current flows southward. Its contribution to the shear becomes increasingly dominant when approaching the African coast (blue contours in Figure 7l ).
[63] Figure 9j shows a subsurface secondary peak of K z close to 40 m depth from March to November. It is disconnected from the high values of vertical mixing in the mixed layer by a thin band of low mixing. The seasonal variation of this subsurface maximum is correlated with the variability of the vertical shear (Figure 9i) . A peak of turbulent heat flux also occurs under the mixed layer (between 20 and 50 m) from April to June and in ND (Figure 9g ). These patterns have a low impact on temperature tendencies in the mixed layer (Figure 9b ).
Role and Cause of the Strong Stratification
[64] High (low) values of turbulent heat flux (Richardson number) at the equator occur between 30°W and 10°W, whereas shear is higher and shallower between 10°W and 0°E (Figures 7d and 7f) , where we would expect strong mixing and cooling. But Figure 7g shows that from 5°W to the African coast, strong stratification occurs close to 25 m. Thus, Richardson number values between 5°W and the African coast are not as low as in the center of the basin (Figure 7e ). It means that the strong stratification which occurs in the Gulf of Guinea stabilizes the sheared flow in the upper layers, thus inhibiting vertical mixing at the base of the mixed layer. As a result, turbulent cooling is much lower than in the center of the basin despite a 20 to 30 m shallower thermocline in the east (30 m depth at 0°E versus 60 m depth at 15°W).
[65] The strong stratification which occurs in the eastern equatorial Atlantic is most probably due to advection of lowsaline ( Figure 7j ) and warm waters (Figure 5e ) from the interior of the Gulf of Guinea. These low-saline waters are due to heavy precipitation in the northern Gulf of Guinea and important freshwater discharges from the Niger and Congo rivers. To verify the role of salinity, stratification computed without taking salinity effects into account is shown in Figure 7k . Values are much lower than for stratification taking both salinity and temperature (Figure 7g ) into account. In the upper 30 m, salinity accounts for about 30% of the total stratification east of 15°W and for more than 50% east of 0°E (blue contours in Figure 7k ). This suggests that salinity plays an important role in the eastern tropical Atlantic and likely contributes to inhibit vertical mixing.
Discussion/Conclusion
[66] We analyzed the mechanisms which drive equatorial surface cooling at seasonal scale. A dedicated simulation was carried out and daily averages of the different contributors to the temperature prognostic equation were recorded in the upper 100 m, as well as the mixed layer heat budget. In terms of phase and spatial distribution of the cooling, the model is in good agreement with satellite observations.
[67] Several authors proposed that the annual variations of SST at the equator are stronger in the eastern basin because of the shallow thermocline in that region [Merle, 1980; Carton and Zhou, 1997; Okumura and Xie, 2006] . Our results are different. First, cooling by subsurface processes along the equator is found to be weaker in the Gulf of Guinea than between 20°W and 10°W, where thermocline is deeper. Second, for both central and eastern equatorial Atlantic, the annual cycle of air-sea heat fluxes is shown to be an important contribution to the contrast of SST between boreal summer and winter.
[68] We have shown that in the center of the basin, cooling through vertical mixing peaks twice a year with almost the same intensity, in May-June and ND. During ND, strong heating due to air-sea fluxes leads to much warmer SST than in summer. This is coherent with observations of Perez et al. [2005] and Grodsky et al. [2008] who show a significant increase in Chl-a concentration at 25°W and 10°W from October to December despite weak (<0.5°C) SST cooling.
[69] To explain why almost no cooling occurs in ND in the eastern part of the basin, Okumura and Xie [2006] proposed that 1) during ND the zonal wind speed in the east is lower than in the center of the basin, so the resulting upwelling may not be strong enough to cool the SST and 2) the advection of warm surface water by the SEC counteracts the cooling due to vertical mixing. In our simulation, vertical mixing appears to play a lesser role in the Gulf of Guinea, compared to the center of the basin. Indeed, SST east of 0°E right at the equator is mainly controlled by airsea fluxes. During summer, SST cooling is helped by strong latent heat flux. In contrast, air-sea heat fluxes warm the surface layer during ND. Such a result is confirmed by observations from PIRATA buoys. Such analysis has already been done by Foltz et al. [2003] for stations at 10°W and 35°W but they did not analyze the buoy at 0°E. We have shown that in both model and observations, latent heat flux at 0°E does not respond passively to SST variations: mixed layer is cooled by air-sea heat fluxes in May-June. The sum of this cooling with cooling due to vertical mixing results in an effective cooling of the mixed layer of almost the same order as in the center of the basin (∼0.04°C d
−1
).
[70] As a key result of this study, the seasonal cycle of subsurface cooling in the center of the basin is shown to be driven by the semiannual cycle of the vertical shear above the EUC core. The shear of the EUC increases eastward and reaches a maximum close to 0°E, but the maximum of cooling occurs west of 10°W. We explain this by strong stratification in the eastern basin which stabilizes the sheared flow in the eastern equatorial region. This limits the vertical mixing to the upper 20 m and inhibits exchanges between surface and subsurface. This is consistent with earlier observations of Hisard [1973] who proposed that during boreal spring at 4°W a density barrier prevents exchanges between surface and subsurface despite the occurrence of an energetic EUC. The model suggests that the contribution of low-saline waters to this effect is significant, although we have not been able to quantify it precisely. A twin experiment with no dependence of stratification on salinity for the computation of vertical diffusion coefficient would provide more insight on this point. It is important to note that these warm and lowsaline surface waters are thus expected to limit or slow down the eastern zonal extension of the cold tongue at the equator.
[71] The model indicates that in the equatorial Atlantic, zonal shear is much more important than meridional shear for cooling purposes. Higher shears are found above the EUC core and we have shown that they peak twice a year, in May-June and ND. As a consequence, turbulent heat fluxes are at their strongest during these periods. We show that the semiannual cycle of the vertical shear is driven by the semiannual cycle of the surface current and not by the enhancement of EUC speed or transport. The vertical shear is maximum when surface current is westward, i.e., the northern branch of the SEC is at the equator. Several studies have shown that seasonal changes in the zonal surface currents are highly correlated with the seasonal changes in the equatorial winds. Philander and Pacanowski [1986] explain the boreal summer intensification of the westward surface current by an intensification of the northward and westward winds near the equator. They show that the westward surface current practically disappears in October when the eastward winds have their largest zonal extent. They also found that the reappearance of westward flow in November and December coincides with the reintensification of the westward equatorial winds during those months. Ding et al. [2009] propose that the 90°out-of-phase relationship between east-west gradient of sea level and surface zonal current is indicative of a basin mode. The gradient drives westward currents that in turn weaken the gradient.
[72] Although the seasonality of the subsurface cooling is shown to be driven by the variability of the surface current, the EUC appears to play two important roles. First, it provides the background vertical shear that is necessary for the upper circulation to become seasonally unstable. Second, it continuously brings cold waters to the subsurface which are necessary to compensate the subsurface warming due to downward turbulent heat flux. In the upper EUC, there is equilibrium between tendencies due to advection and vertical mixing. Although it appears that advection has a small direct impact compared to vertical mixing on mixed layer cooling, its variability could enhance or limit the efficiency of vertical mixing in the upper layers.
[73] Grodsky et al. [2008] computed time correlations of Chl-a in the box 15°W-5°W and 1°S-1°N with Chl-a and sea surface height (SSH) over the whole equatorial Atlantic. They found a positive spatial correlation between Chl-a and SSH in the center of the basin. Many studies have also shown a close link between seasonal cooling and vertical movements of the thermocline or, equivalently, of the SSH [e.g., Merle, 1980; Okumura and Xie, 2006; Hormann and Brandt, 2009] . We propose that there is no direct link between thermocline movements and cooling: it is not the availability of cold water near the surface, modulated by thermocline shoaling, which drives the surface cooling. Instead, we provide evidence that at first order it is the variability of the surface current that modulates the turbulent exchanges and hence the surface cooling. But it is worth mentioning that there is a dynamic relationship between thermocline movements and surface equatorial currents [e.g., Ding et al., 2009] . So it is neither surprising nor in contradiction with our study, that many authors have found correlations between SSH (thermocline depth) and surface cooling.
[74] Grodsky et al. [2008] also showed that variations in Chl-a in the center of the basin occur independently of variations of Chl-a and SSH east of 0°E. This is also in good agreement with our results. Indeed, we show that strong vertical mixing in the eastern equatorial Atlantic is mostly limited to the mixed layer, whose depth varies from 10 to 30 m. Such shallow mixing limits the exchanges between surface and subsurface.
[75] Murtugudde et al. [2002] investigated the effect of penetrative radiation on upper tropical ocean circulation. They compared simulations with constant attenuation depths and attenuation depths derived from remotely sensed ocean color data. In the Gulf of Guinea, where there is considerable biological activity, SST differences greater than 0.5°C have been found. They showed that model performance in terms of model SST compared to observations is better when variable depth attenuation is used. The recent study of Wade et al. [2011a] indicates that in the Gulf of Guinea, the diurnal response of near-surface temperatures to daytime heating and nighttime cooling has an amplitude of a few tenths of a degree. This could modulate the amplitude of SST seasonal variability. Our simulation does not resolve either the diurnal cycle or the variability of the attenuation depths, so we could not estimate their impact. The availability of long time series of ocean color data and highfrequency atmospheric forcing should provide further insight into the role of these two processes on equatorial Atlantic seasonal variability in the near future.
[76] The role most often attributed to TIWs is the induction of strong equatorward heat advection in the upper layers [Foltz et al., 2003; Peter et al., 2006; Jochum and Murtugudde, 2006] . But a recent numerical study for the equatorial Pacific has shown that TIWs can enhance mixing and cooling by the shear they induce in the subsurface layers . This result for the equatorial Pacific is supported by the analysis of a Lagrangian float [Lien et al., 2008] and from profiling measurements of turbulence dissipation rate [Moum et al., 2009] . These waves also occur in the Atlantic Ocean and simulations of Jochum et al. [2004] show at 28°W a main peak of eddy kinetic energy in summer and a secondary peak in ND, both associated with a strengthening of the TIWs during these periods. Jochum et al. [2004] 
